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The production, transportation, deposition, and dissolution of carbonate profoundly form
part of the global carbon cycle and affect the amount and distribution of dissolved inorganic
carbon (DIC) and alkalinity (ALK), which drive atmospheric CO2 changes during glacial/
interglacial cycles. These processesmayprovide significant clues for better understanding of
the mechanisms that control the global climate system. In this study, we calculate and
analyze the foraminiferal dissolution index (FDX) and the fragmentation ratios of planktonic
foraminifera for the 60e25kaB.P. time-span, based on samples fromCore 17924 andODPSite
1144 in the northeastern South China Sea (SCS), so as to reconstruct the deep-water car-
bonate dissolution during Marine Isotope Stage 3 (MIS 3). Our analysis shows that the
dissolution of carbonate increases gradually in Core 17924, whereas it remains stable at ODP
Site 1144. This difference is caused by the deep-sea carbonate ion concentration ð½CO32Þ
that affected the dissolution in Core 17924where the depth of 3440m is below the saturation
horizon. However, the depth of ODP Site 1144 is 2037 m, which is above the lysocline where
the water is always saturated with calcium carbonate; the dissolution is therefore less
dependent of chemical changes of the seawater. The combined effect of the productivity and
the deep-water chemical evolution may decrease deep-water ½CO32 and accelerate car-
bonate dissolution. The fall of the sea-level increased the input of DIC and ALK to the deep
ocean and deepened the carbonate saturation depth, which caused an increase of the deep-
water ½CO32. The elevated ½CO32 partially neutralized the reduced ½CO32 contributed by
remineralization of organic matter and slowdown of thermohaline. These consequently are
the fundamental reasons for the difference in dissolution rate between these two sites.
Copyright© 2015 China University of Petroleum (Beijing). Production and hosting by Elsevier
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Marine Isotope Stage 3 (MIS 3) is a warming period of the last
glacial, 59e24 ka B.P. (thousand years before present), whichQ. Huang).
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Deep-water dissolution in MIS 3 101Oeschger (D-O) oscillations in marine and terrestrial records
(Voelker, 2002). Oxygen-isotope records of five stalagmites
from the Hulu Cave near Nanjing, China, show a remarkable
resemblance to oxygen-isotope records from Greenland ice
cores, suggesting that the intensity of East Asia monsoon
changed in concert with the Greenland temperature during
11e75 ka B.P. (Wang et al., 2001). Ice-core records, loess suc-
cessions, lacustrine sediments, stalagmite records and deep-
sea sediment cores show the climate instability of MIS 3.
The palaeoenvironmental changes during MIS 3 have become
amain topic in the study of global changes (Zheng et al., 2008).
The world ocean is one of the main constituents of the
climate system and affects climate in a multitude of ways
(Rahmstorf, 2002). The production, transportation, deposition
and dissolution of deep-water carbonate play a significant role
in global carbon cycle, because the dissolution of carbonate
affects the amount and distribution of dissolved inorganic
carbon (DIC) and alkalinity (ALK), and drives atmospheric
pCO2 changes in glacial/interglacial cycles (Jansen et al., 2002;
Yu and Elderfield, 2007). As the largest marginal sea of the
western Pacific, the South China Sea (SCS), has favorable
conditions for carbonate accumulation and preservation
(Wang and Li, 2009), providing valuable sedimentary records
for palaeoclimate research.
Previous studies of planktonic foraminifera in the SCS
focused on their assemblages and distribution, or on the
related palaeoenvironmental changes (Huang and Jian, 1999;
Huang et al., 2000; Li and Jian, 2001; Jin et al., 2003). In-
vestigations of carbonate dissolution concentrated on car-
bonate-dissolution cycles and on the way in which carbonate
percentages changed in response to climate variability (Li
et al., 2001; Chen et al., 2002). The study on glacial carbonate
cycles in the western Pacific marginal seas shows that the
percentage of CaCO3 is extremely low in high-latitude seas
and increases towards low-latitude basins, revealing a close
relationship between this percentage and water temperature
and depth (Wang, 1998). Cycles of carbonate dissolution
reflect the rise and lowering of carbonate compensation depth
(CCD). According to opposite variable trends of CCD cycles in
the Pacific and Atlantic, carbonate cycles can be divided into a
“Pacific type” and an “Atlantic type” (Wang et al., 1986). Since
the Middle Pleistocene, the curve of the calcium-carbonate
content in the SCS shows that several strong carbonate
dissolution events occurred in the transitional phase from
interglacials to glacials (Li et al., 2001). The deep-sea carbonate
ion concentration ð½CO32Þ and the pH provide important
clues for the investigation of the preservation of carbonate
and global carbon cycles, which can be calculated with
planktonic foraminiferal assembles or the d11B value and the
B/Ca ratio of benthic foraminifera (Yu et al., 2010).
In SCS of MIS 3, Yang et al. (2008) investigated the relation-
ship between the abundance of planktonic foraminiferal spe-
cies and the sea surface temperature or the depth of
thermocline in the western SCS during MIS 3. Chen et al. (2011)
concluded that the two different types of carbonate cycles in
the northern and southern SCS are related to the changes of
East Asian monsoon. But there is no clear conclusion so far
concerning the variability of the deep-water carbonate content
in the northern SCS during MIS 3.The objective of the present study was to investigate the
variability in foraminiferal dissolution in thenorthern SCS, and
to explain the processes responsible for the temporal and
spatial variations of the deep-water carbonate dissolution.
Based on fragmentation ratios and foraminiferal dissolution
index (FDX) ofplanktonic foraminifera inCore17924andatODP
Site 1144, we compare the carbonate dissolution found in both
cores and discuss the relationship between carbonate dissolu-
tion and deep-water chemical variability in the northern SCS.2. Material and methods
The analyses concern Core 17924 sediments collected during
the 1994 SONNE95 cruise. This site is located in the north-
eastern part of SCS (1924.70N, 11850.80E, 3440 mwater depth)
(Fig. 1). Seventy-one samples were taken at 10 cm intervals
from a subsection from 503 to 1270 cm.
All initial masses of the samples were measured by sepa-
rating them in glass beakers and drying them in an oven
(60 C) for 24 h. Then, the samples were immersed in distilled
water for 48 h before they were washed through 63 mm sieves.
Finally, the residual coarse particles >63 mm were dried for
analysis of the coarse fraction of foraminifera.
The coarse fraction of each sample was obtained through
154 mm sieves, and the residual coarse particles of >154 mm
were split with a microsplitter in order to obtain aliquots
which contain 200e400 tests of foraminifera each. Planktonic
foraminiferal species were identified and counted following
the taxonomy of Hemleben et al. (1989). We identified 24
planktonic foraminiferal species in Core 17924.
The age of Core 17924 has been established via five
AMS-14C datings, which yielded 18 ka B.P. (260 cm), 29 ka B.P.
(550 cm), 57 ka B.P. (1130 cm), 60.44 ka B.P. (1207.5 cm), and
67 ka B.P. (1247.5 cm) (Lv, 2004). The age of the samples at
other levels was calculated by interpolation.
ODP Site 1144 is located on the northeastern continental
slope of the SCS (203.180N, 11725.140E) and provided a 522-m-
long composite section from a sediment drift at a water depth
of 2037 m (Wang et al., 2000). In the present study, we
compared sediments from 22.84e72.32 m (21.51e63.63 ka B.P.)
at ODP Site 1144 (Bu¨hring et al., 2004) with the contempora-
neous sediments at Core 17924. The planktonic foraminiferal
data are taken from Huang and Yang (2006).
Investigation of deep-water carbonate dissolution re-
searches commonly involves measurement of the coarse
fraction (Bassinot et al., 1994), the percentage of carbonate
(Farrell and Prell, 1989), the relative content of planktonic
foraminiferal fragments (Le and Shackleton, 1992), the fora-
miniferal dissolution index (FDX) (Berger, 1975) and the per-
centage of solution-resistant species (Jian et al., 1999) in
sediments are commonly used as foraminiferal dissolution
indexes to reconstruct deep-water carbonate dissolution.
However, it is difficult to determine the degree of dissolution
changes accurately by only one of these indexes. In order to
distinguish the carbonate dissolution zones precisely, several
indexes should be combined and analyzed comprehensively.
Dissolution potential of planktonic foraminiferal species
varies. Planktonic foraminifera of different size, structure,
morphology, and wall structure show variable resistance to
Fig. 1 e Locations of Core 17924 and ODP site 1144 in the South China Sea.
102 N.Wang et al.dissolution (Zheng and Chen, 1982). The preservation of
foraminiferal assemblages is described by FDX. Berger (1975)
divided his 37 planktonic foraminiferal species into nine
dissolution groups according to their resistance to dissolution.
The FDX can be calculated with the following formula:
FDX ¼ SiPi  10=9
where i is the group number and Pi is the proportion of the
assemblage assigned to the group i. A higher FDX valuemeans
a higher percentage of solution-resistant species, corre-
sponding to an environment with relatively strong dissolu-
tion. For instance, the FDX in the Bay of Bengal shows that the
degree of dissolutionwas lowest in oxygen isotope stage 2 and
high in oxygen isotope stages 1, 5 and the early stage 4 (Ding
et al., 2001) during the Late Quaternary. The FDX shows
strong carbonate dissolution in Indonesian Archipelago and
adjoining areas compared to the rest of the eastern Indian
Ocean. Within the Indonesian Archipelago, dissolution is the
strongest in the Java upwelling region (Ding et al., 2006).
Fragmentation ratios of planktonic foraminifera can be
expressed by the ratio of fragments to fragments plus com-
plete foraminifera (Le and Shackleton, 1992), which reflects the
carbonate preservation and the dissolution capacity of
seawater. Better foraminiferal preservation means less disso-
lution and lower fragmentation ratios. The fragmentation ra-
tios of planktonic foraminifera and the percentage of benthic
foraminifera increase in the Nansha area since 4.5 Ma, indi-
cating that the dissolution capacity of sea water increased,which may have resulted from the closure of the central
American isthmus and the alteration of ocean circulation
patterns (Li and Jian, 2001). The fragmentation ratios at ODP
Site 807 showed high values during glacial inMIS 8-13 and high
values during interglacial in MIS 1-7. (Jin et al., 2003). Frag-
mentation ratios of planktonic foraminifera can be calculated
with the following formula (Le and Shackleton, 1992):
Fragmentation % ¼ 100% ðnumber of fragments=8*Þ=
ðnumber of fragments=8
þ number of complete specimensÞ
* Note: One complete foraminiferal specimen may break into
many fragments, so the number of fragments varies over a
much wider range than that of complete foraminiferal speci-
mens. We assume that one complete foraminiferal specimen
breaks into 8 fragments.3. Results
We calculated the FDX based on the species data of planktonic
foraminifera at Core 17924 and ODP Site 1144 (Fig. 2). During
MIS 3, the FDX at Core 17924 increased gradually from 6 to 8,
whereas the FDX at ODP Site 1144 was about 6. The FDX at
Core 17924 fluctuated between 6 and 7 during the early MIS 3
(60e55 ka B.P.). During 55e39 ka B.P., carbonate dissolution
was stronger with an average FDX value of 6.9. FDX values
Fig. 2 e Variations in the FDX of planktonic foraminifera, fragmentation ratios, oxygen isotopes of Globigerinoides ruber (d18O)
at Core 17924 (shown in red) and ODP Site 1144 (shown in blue) (Bu¨hring et al., 2004; Huang and Yang, 2006) and oxygen
isotopes of standard benthic foraminifera (d18OBF) (shown in pink) (Lisiecki and Raymo, 2005).
Deep-water dissolution in MIS 3 103fluctuated and rose to 7.2 between 39 and 33 ka B.P., indicating
increasing dissolution. It reached a maximum of 7.9 at
32 ka B.P. when dissolution. FDX values subsequently show a
relatively steady decrease until 28 ka B.P., suggesting that
dissolution became weaker. During 28e26 ka B.P., FDX
increased again, pointing at stronger dissolution. FDX at ODP
Site 1144 rose from 6 to 7 during 60e49 ka B.P.; then it
decreased to 6 at 46 ka B.P. to fluctuate around 6 until 25 ka B.P.
These values show a modest rise in dissolution, followed by a
slight decrease.
Themain feature of fragmentation ratios at Core 17924 is a
rising trend over the time-span between 60 and 32 ka B.P.
Fragmentation ratios increased from 4% to 10% during
60e46 ka B.P. The values decreased to 2% during 46e40 ka B.P.
and then increase gradually again to 12% at 36 ka B.P. During
36e25 ka B.P., the fragmentation ratios decreased again. The
fragmentation ratios at ODP Site 1144 oscillated between 2%
and 6% with an average of 3%, which is different from the
fragmentation ratios at Core 17924.4. Discussion
Comparison of the fragmentation ratios with the FDX at Core
17924 indicates that the changing trends of both indexes are
the same during MIS 3. This suggests that carbonate preser-
vation in the deep sea was poor and that the carbonate
dissolution increased gradually. At ODP Site 1144, the frag-
mentation ratios also bear some similarity to the FDX.Although there were some fluctuations during MIS 3, these
data demonstrate that the seawater chemistry at ODP Site
1144 remained constant and that the dissolution rate was
stable.
FDX and fragmentation ratios are proxies for the dissolu-
tion rate, therefore, they should show a similar trend. Higher
FDX values correspond to higher percentages of fragmenta-
tion. More fragmentations of planktonic foraminifera in
sediment mean stronger dissolution. FDX shows a close
match to fragmentation ratios at Core 17924, indicating that
we can reconstruct the temporal dissolution changes in this
core. Similarly, the fact that the FDX and fragmentation ratios
are consistent at ODP Site 1144 duringMIS 3 suggests that both
indexes can be used as reliable proxies for the dissolution of
planktonic foraminifera.
The oxygen isotope values of Globigerinoides ruber (d18O) at
Core 17924 and ODP Site 1144 show positive excursions from
2.2‰ to 0.6‰ for episodes with a cooler climate from 57 to
25 ka B.P., which are punctuated by numerous abrupt
millennial-scale climate events during MIS 3. A strong corre-
lation is found between the d18O of planktonic foraminifera at
the two sites and the standard benthic foraminiferal d18OBF,
which means that the climate turned colder.
Despite of the similarity of the oxygen-isotope responses to
climate change between the two sites, their dissolution his-
tories are distinct. The FDX and fragmentation at Core 17924
are higher than at ODP Site 1144. The average value of the FDX
in Core 17924 is 0.88 higher than at ODP Site 1144, and the
average value of fragmentation at Core 17924 is 2.7% higher
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Core 17924 during MIS 3, the carbonate preservation was
poorer and that the carbonate dissolution was stronger than
at ODP Site 1144.
The dissolution and preservation of carbonate is largely
regulated by the carbonate ion concentration ð½CO32Þ in deep
water (Anderson et al., 2008). In modern oceans, the degree of
seawater carbonate saturation is variable with depth.
Seawater ½CO32 reaches its maximum at the surface of the
oceans and decreases to a minimum at a depth of 800 m; then
it rises moderately again and stays constant with increasing
depth (Yu et al., 2014). The carbonate saturation horizon sep-
arates the saturated water mass above this interface from the
unsaturated water mass below it (Zhao, 1989). The carbonate
begins to dissolve slowly at 500e1000 m (Regenberg et al.,
2014). The lysocline is positioned at the depth where shell
dissolution starts to have a prominent impact on calcium
carbonate derived from the surface ocean (Libes, 2009). Below
the lysocline, the rate of carbonate dissolution increases until
it equals the rate of calcium-carbonate supply from the sur-
face, and this depth is called the “carbonate compensation
depth” (CCD) (Marshall and Fairbridge, 1999). The modern
calcite saturation horizon is at 2500 m, the lysocline at about
3000 m and the CCD at about 3500e3800 m in the SCS (Wang
et al., 1995; Regenberg et al., 2014). The dissolution in Core
17924 is easily affected by deep-sea ½CO32 because the depth
of 3440m is close to CCD. However, the depth at ODP Site 1144
is 2037 m, above the carbonate saturation horizon and thus is
always saturated with calcium carbonate, so that the disso-
lution is less sensitive to chemical changes of the seawater
through time.
In order to explore the dissolution mechanism in Core
17924 and ODP Site 1144, both the input of organic matter due
to increased productivity and the deep-water chemical evo-
lution should be taken into account.
Higher sedimentation rates of organic matter and the
release of CO2 due to organic-carbon oxidation andFig. 3 e Total percentages of N. dutertrei and G. bulloides of com
The red line represents Core 17924, the blue line ODP Site 1144remineralization may generate microenvironments that are
undersaturated with respect to carbonate, and result in
enhanced carbonate dissolution (Berger, 1982; Jansen et al.,
2002). We therefore need to analyze the palaeoproductivity
in the northern SCS to explore the reason for the dissolution.
The abundance of the planktonic foraminifera Neo-
globoquadrina dutertrei indicates a high productivity in surface
water (Naidu and Malmgren, 1995). In the Indian Ocean,
Globigerina bulloides is indicative of upwelling and also con-
nected with a high productivity in the upper seawater
(Fairbanks et al., 1982). Therefore, the total percentages of
N.dutertrei and G. Bulloides of entire planktonic foraminifera
were counted, to determine the primary productivity in sur-
face water. At Core 17924 and ODP Site 1144, the percentages
of N. dutertrei and G. bulloides show increasing trends during
MIS 3 (Fig. 3). The values decrease during 60e55 ka B.P. and
increase during 55e50 ka B.P., then decrease gradually until
43 ka B.P., and increase again until 25 ka B.P. This indicates
that, although productivity fluctuates somewhat during
glacial/interglacial cycles during MIS 3 in the northern SCS, it
shows an overall increase, which may result from increasing
upwelling caused by the winter monsoon. The high produc-
tivity implies that more organic carbon settled through the
water column and became embedded in the sediments, so
that the pore water became corrosive, which accelerated the
carbonate dissolution at both sites.
The variations of ½CO32, DIC and ALK are influenced by
the pathway of thermohaline circulation. Sarnthein et al.
(2013) found that the DIC rises with increasing residence
time of the deepwater, based on the largely linear relationship
between D14C and modern concentrations of DIC in the deep
ocean below 2000m. Nowadays, the North Atlantic deepwater
has the highest ½CO32, the North Pacific deep water has the
lowest ½CO32, and the water mass in the Southern Ocean has
an intermediate ½CO32 (Yu et al., 2014). The ½CO32 gradient
along the thermohaline circulation from the North Atlantic to
the North Pacific reflects respiration and remineralization ofplete planktonic foraminifers in the investigated samples.
.
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centration of DIC in comparison to the ALK, which reduces the
½CO32 and accelerates the dissolution of foraminifera (Feely
et al., 2004). Therefore, the lysocline in the Pacific Ocean is
situated at a shallower depth than the Indian and the Atlantic
Oceans, and it has also stronger carbonate dissolution.
The longer residence time of thermohaline circulationmay
induce a stronger dissolution in the deep SCS. A preliminary
application of Nd-isotope ratios shows that the North Atlantic
deep water signals are stronger during warmer climate in-
tervals and weaker during colder intervals in the last ice age
(Rutberg et al., 2000). During 60e25 ka B.P., the climate turned
colder, so the thermohaline circulation slowed down. The less
stable climate promoted fluctuations of the thermohaline
circulation. The long-term fluctuations in the global temper-
ature became larger, which affected the power and stability of
the thermohaline circulation, which leads thus leading to D-O
fluctuations (Ganopolski and Rahmstorf, 2001). As a branch of
the northwestern Pacific Ocean, the chemical properties in
SCS responded to the chemical variations of thermohaline
circulation. With slowdown of thermohaline circulation, the
larger amounts of CO2 (aq.) from respiration and reminerali-
zation of organic matter resulted in a low seawater ½CO32,
and the water became increasingly undersaturated.
The gradual decrease of atmospheric CO2 during
60e25 ka B.P. infers that more CO2 was transferred and stored
in the deep ocean during the time-span before the Last Glacial
Maximum (LGM) (Fig. 4). There is still no consensus why at-
mospheric CO2 decreased at the onset of the LGM. Stephens
and Keeling (2000) proposed that 67 parts per million of the
observed glacial/interglacial CO2 difference resulted from
reduced air-sea gas exchange in the Antarctic region. WatsonFig. 4 e Atmospheric CO2 concentrations from 60 to 25 ka B.P. fro
et al., 2000). Variations in the FDX of planktonic foraminifera, fr
Core 17924 (shown in red) and ODP Site 1144 (shown in blue) (Bet al. (2000) showed that the surface uptake of atmospheric
CO2 and the silica/carbon uptake ratios by phytoplankton
were strongly influenced by nanomolar increases of iron
concentration. Franois et al. (1997) showed that reduction of
the CO2 leak from the ocean to the atmosphere by increased
surface-water stratification in south of the Polar Front
contributed more to the lowering of atmospheric CO2 during
the LGM than did the increased export of organic carbon from
surface to deep water that occurred further to the north. From
MIS 3 to the LGM, the deep ocean below 3000 m may have
become further stratified (Adkins et al., 2002; Burke and
Robinson, 2012) and sequestered more respired carbon. Dur-
ing the LGM, stratification and the efficiency of the biological
pump might have reached their maximum (Hain et al., 2014).
Although explanations for CO2 decrease are still under debate,
CO2 and dissolution proxy data indicate that carbon was
transferred from the atmosphere to the ocean, which may
have induced the increase of restored carbon in the deep
ocean and widespread decrease in deep-water ½CO32.
A drop in sea-level always comes with a cold climate.
Whereas the weathering of carbonate on continental shelves
varies as a function of sea-level, the carbonate saturation
horizon responds to the increase in the input of ALK and DIC
to the deep ocean (Opdyke and Walker, 1992). A lowered sea-
level reduces the available neritic area and thus carbonate
accumulation, inducing a higher ½CO32 and a lower CO2
(Berger, 1982; Ridgwell et al., 2003). FromMIS 3 to the LGM, sea-
level fell 30 m approximately (Cutler et al., 2003) and ½CO32
increased. The elevated ½CO32 partially neutralized the
reduced ½CO32 that contributed by remineralization of
organic matter and thermohaline slowdown. For these rea-
sons, we conclude that at ODP Site 1144, the decrease inm the Taylor Dome ice core (shown in orange) (Indermu¨hle
agmentation ratios, and the oxygen isotopes of G. ruber at
u¨hring et al., 2004; Huang and Yang, 2006).
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equal to the increase in ½CO32 because of regression, so
dissolution stayed stable. However, ½CO32 was probably
more strongly controlled by deep-water chemical evolution in
Core 17924, so the decrease in ½CO32 resulted frommore CO2
restored in deepwater overwhelms the increase in ½CO32 due
to regression at Core 17924, so more carbonate dissolved from
MIS 3 to the LGM.5. Conclusions
The FDX and the fragmentation ratios of planktonic forami-
nifera from Core 17924 and ODP Site 1144 in the northeastern
South China Sea over 60e25 ka B.P. suggest that the dissolution
of carbonate increased gradually at Core 17924 but that disso-
lution remained stable at ODP Site 1144. The consistent results
obtained with the FDX and the fragmentation ratios at Core
17924 and ODP Site 1144 suggests that both measurements can
be used as dissolution proxies for planktonic foraminifera. FDX
and fragmentation ratios are higher at Core 17924 than at ODP
Site 1144, which indicates that carbonate dissolution was
stronger in Core 17924 during MIS 3. The dissolution in Core
17924maywell have been affected by deep-sea ½CO32 because
the depth of 3440 m is close to CCD. However, the water depth
at ODP Site 1144 is 2037 m, above the carbonate saturation
horizon and the water is therefore always saturated with cal-
cium carbonate, so the dissolution is less sensitive to chemical
changes with time of the sea water. The increasing total per-
centage of both N. dutertrei and G. bulloides during MIS 3 in-
dicates that the high productivity makes the pore water
corrosive, which may lead to a deep-water ½CO32 decrease,
thus accelerating carbonate dissolution at both sites. With
slowdown of thermohaline circulation, more CO2 (aq.) from
respiration and remineralization of organicmatter resulted in a
low seawater ½CO32: the water therefore became increasingly
undersaturated with time. The fall of sea-level increased the
input of ALK and DIC to the deep ocean and deepened the
carbonate saturation depth, which made the deep-water
½CO32 rise. The elevated ½CO32 partially neutralized the
reduced ½CO32 that contributed by remineralization of organic
matter and slowdown of the thermohaline circulation. Conse-
quently, we conclude that, the decrease in ½CO32 at ODP Site
1144 resulting from a high productivity and from slowdown of
thermohaline equaled the increase in ½CO32 because of
regression, so dissolution stayed stable. However, ½CO32 was
probably more strongly controlled by deep-water chemical
evolution in Core 17924, so the decrease in ½CO32 resulting
from more CO2 stored in deep-water overwhelms the increase
in ½CO32 due to regression at Core 17924, therefore, more
carbonate dissolved from MIS 3 to the LGM.r e f e r e n c e s
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